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6 Energy Balance and Hydrological Processes —=——
in an Arctic Watershed

L. D. HiNzmaN, D. L. KANE, C. S. BensoN, and K. R. EVERETT

6.1 Introduction

Major efforts in recent years to understand global energy and water balances
have focused attention on thermal and hydrological processes in high latitudes
(Kane et al. 1992). One of our objectives in the R4D program (Chap. 1, this
Vol.) was to develop a quantitative understanding of hydrological processes in
the Imnavait Creek watershed and the energy flows that drive them. In this
chapter we present monitoring data on energy balance, evapotranspiration,
precipitation, snow distribution, snowmelt, runoff, and snow damming of
runoff during the spring melt. We use these data first to develop budgets and
elucidate seasonal and annual patterns; subsequently, we present physical
process models that further quantify the dynamics and interactions between
thermal and hydrological regimes and provide additional insight with regard
to water and energy budgets in tundra ecosystems.

6.2 Radiation and Thermal Regimes

The Arctic receives much less solar radiation than lower latitudes and also
experiences higher annual variation, both of which affect all aspects of arctic
hydrological and thermal regimes. At the Imnavait Creek watershed we meas-
ured inputs and outputs of radiation over tussock tundra, the dominant type of
vegetation (see Fig. 4.7c in Chap. 4, this Vol.). These data along with air and soil
temperatures have been collected between early spring (April) and late fall
(October) since 1985, Data collection during the winter is more limited, due to
difficulties in maintaining and servicing the station.

From October to May and before the initiation of spring snowmelt -
normally a few weeks before summer solstice - the tundra surface is character-
ized by a homogeneous high albedo near 0.8 (Weller and Holmgren 1974). Due
to the uneven distribution of snow, the surface albedo varies greatly as the melt
progresses (Liston 1986). Between the period of spring snowmelt and fall snow
accumulation, the tundra surface has its lowest albedo of ca. 0.2, which results
in maximum energy exchange (Ohmura 1981). Short-term increases in albedo
may occur during midsummer, due to snowfall, which can occur on any day of
the year. Initial snow accumulation in the autumn is usually near the equinox,
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Fig. 6.1. Surface energy balance calculated in weekly increments at a point on a west-facing slope
of the Imnavait Creek watershed during summer 1989

and because solar radiation is considerabiy less at this time, arrival of new
snow cover does not produce the dramatic changes in surface energy and water
fluxes that occur during spring-snow ablation (Fig. 6.1; Kane et al. 1990).

The Imnavait Creek watershed receives no direct solar radiation between
5 December and 8 January, and although several hours of diffuse radiation are
incident on each day throughout the winter, the energy input is small. About
77% of the annual sunlit hours in the watershed occur between 21 March and
21 September. Incident shortwave radiation is governed by sun angle, but is
greatly reduced on cloudy days. Even on clear summer days the low solar angle
(maximum at summer solstice is only 45°) means that incoming solar radia-
tion is highly attenuated by the atmosphere. The amount of shortwave radia-
tion reflected depends on the presence of snowcover, seil moisture levels, sun
angle, and radiation intensity. Atmospheric longwave radiation is primarily
inAuenced by sky conditions and temperature. Snow ablation in spring and
snow accumulation are significant factors determining the longwave radiation
emitted from the surface. Net radiation becomes positive during daylight in
March, increases substantially after snowmelt, as surface albedo and reflected
radiation sharply decrease, and varies around a value of approximately
10M] m—2day! (see also Kane et al. 1990) during midsummer (Fig. 6.1}, as has
been described at a number of other tundra sites (Barry 1981}.

During the winter, arctic tundra climate is affected primarily by radiative
heat loss and atmospheric circulation (Weller and Holmgren 1974; Ohmura
1981). Low incoming radiation and high albedo determine that little energy is
input 1o the active layer (the shallow layer of seil above the permafrost that
thaws - and then freezes - seasonally as a function of the net energy balance).
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Fig. 6.2. Seven-day running mean of daily air temperature and record high and low average
hourly air temperatures from January 1985 through May 1993

Mean daily air temperature and record high and low temperatures (average
hourly temperatures from January 1985 to May 1993 are used in the compari-
son} in the Imnavait Creek watershed are presented in Fig. 6.2. The average
annual air temperature during this period was —7.4°C. Mean monthly air
temperatures exhibit similar trends to data collected at Barrow (ca. 400km
NW,; Dingman et al. 1980), ie., interannual variability (expressed as standard
deviation of mean monthly temperature) for the winter months is usually
>3°C, and for the summer months, usually <2°C. This difference has been
attributed to northward shifts in the arctic frontal zone during the summer
(Dingman et al. 1980).

6.2.1 Surface Energy Balance

The surface energy balance is given by (terms defined in Table 6.1):
Qn+Qh+Qc+Qe+Qm=0' (1)

Energy transferred by rain or running water was not included in this analysis,
because precipitation and soil water temperature are usually close to soil
temperature and, consequently, over short periods of time add little energy.
This energy source may be significant when rain falls on existing snow, but this
was rare during the period of our study.

Convection (Q, ), the sensible heat transferred between air and sml Orf SNOW
surface, was calculated as a function of temperature gradient, wind speed, and
surface conditions:

Qh = cp : pa . Dh * (Ta - Tsur)’ (2)

where it is assumed that the momentum exchange coefficient between the
atmosphere and ground equals the heat exchange coefficient (Dy; Szeicz et ak
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Table 6.1. Definition of terms and units

Variable Definition Units
C Sail heat capacity Im=eC
G Specific heat of air TkgeCt
Dy Convective transfer coefficient ms™
Neutral conditions, Dhin) = ki, /lln (z,/2,)}
Stable conditions, Dh{n)/[1 + (& * Ri)]
Unstable conditions, Dhin}{[1 - (G * Ri)]
ds Active layer moisture storage and surface storage mm
dT/dx Vertical soil thermal gradient over distance x *Cm™
E Evaporation mm
e, Vapor pressure of the air mb
€ Vapor pressure of the surface mb
F Melt factor mm °C'h-!
F, Temperature melt factor mm?Cth!
F, Radiation melt factor mmm*W-th-!
g Gravitational constant ms™?
K Thermal conductivity WmeCH
k von Karman’s constant 0.41
L, Latent heat of vaporization
M Snowmelt rate mmh-!
P Air pressure mb
P Precipitation or snowmelt mm
Q. Heat conduction into soil Wm?
Q. Energy utilized for evapotranspiration or condensation Wm
Q, Convective heat transfer Wm-?
Q. Energy utilized for snowrmelt Wm
G, Net radiation Wi
R Runeff ' mm
R Richardson number, (g * z, * (Ta~ T, [u,* (Ta +273.15)]
Sw, Reflected shortwave radiation Wm?
SW, Incident shortwave radiation Wm
t Time 3
T, Temperature of air at height z °C
T.. Temperature of the surface “C
1, Wind speed at height { ms"
U, Wind speed at height 2 ms™
z Height of the wind speed and temperature measurement m
Z Raughness length, exp[{(w, * In(z,)) - (u, *In(z,))H{u, -uw,}] m
pa Density of air kg m
1] Constant 10
8 Temperature “C

1969), a relationship that holds only for neutral (isothermal) conditions. Daily
heat exchange coefficients were adjusted based on the air temperature profile
between the surface and 10m using different values of D, for neutral, stable,

and unstable conditions {see Table 6.1; Braun 1985). T

roughness length, z,, was determined from wind-speed profiles between 1.5

he average surface

and 10m. For tussock tundra we estimated z, to be 0.02m by averaging calcu-
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lations made from several hundred wind profile measurements during near-
neutral conditions. This value falls well within the reported values for short
grasses and tundra (Szeicz et al. 1969; Weller and Holmgren 1974). The rough-
ness length over snow can vary a great deal as the windswept surface changes
from very smooth to very rough. During the spring melt period we estimated
Z, as 0.0013m. Effective surface temperatures were obtained from emitted
terrestrial longwave radiation.

Conductive heat transfer (Q,) is the energy passed from particle to particle
within the soil matrix. Because the energy budget is calculated in a plane at
the surface, it is not necessary to consider latent heat associated with the
freezing or thawing of the active layer. Conductive heat transfer is calculated
as:

Q. =-K - dT/dx. (3)

The thermal conductivity (K) of these soils was determined for several soil
types under a variety of moisture and temperature conditions (Hinzman et al.
1991b). Values of K were selected depending on whether the surface soil was
wet or dry, thawed or frozen. Heat conduction into the soil was measured with
heat flux plates located near the surface and at the organic-mineral soil inter-
face. Heat flux at the soil surface largely mirrors net radiation except that
diurnal variation in surface heat flux is greatly reduced during the winter
because of the insulative properties of the snowpack and low variation in
energy input from radiation. Daily amplitude and instantaneous magnitude of
heat flux decrease with soil depth. Each spring and autumn, heat flux ap-
proaches zero as the surrounding soil progresses through a phase change. As
the soil water freezes in September, energy flows from the warm soil to the
colder air, and the near-surface soil temperature remains isothermal at 0°C,
because energy released as latent heat offsets surface heat loss.

Evapotranspiration can be estimated as the remainder term in a water or
energy balance equation (Eq. (1)) or calculated using techniques based on
vapor and wind gradients:

Q.=L,-p,-D,-(0.622/P) - (e, — &,,,). {4)

Because it is difficult to determine surface vapor pressure when soils are less
than saturated, Eq. (4) works best during snowmelt or immediately after rain-
fall events. Qur calculated values of Q, compare well with values estimated
from water-balance studies at Imnavait Creek (Hinzman et al. 1991a).

The importance of each of the terms in Eq. (1) varies considerably
throughout the year. The rates of all energy fluxes are reduced during winter.
Transpiration is zero. Conductive heat transfer is reduced by the insulating
effect of the snow layer or reversed because of the temperature gradient.
Evaporation is normally considered to be low during the winter because of
energy constraints (Ohmura 1982). Nevertheless, the loss of snow by sublima-
tion can be high during large wind events (Tabler 1975). Convective heat
transfer is affected least by the season, but can be lower because of the
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Table 6.2. Summer and annual water balances (cm)

Precipitation Runoff Annual
evapotranspiration

Year Maximum Summer' Annual  Snowmelt Summer* Annual Actual Potentialt

snowpack total total

water

equivalent
1985 10.2 25.1 35.3 6.6 ‘ i ‘ c
1986 10.9 16.3 27.2 57 6.2 119 153 310
1987 10.8 27.2 380 7.1 17.9 250 13.0 32.0
1988 7.3 25.2 33.0 35 7.2 {11 219 33.2
1983 155 25.7 41.2 9.4 7.8 17.2 240 42.0
1990  10.6 16.3 26.9 6.4 2.8 9.2 13.3 394
1991 8.2 24.9 331 56 3.3 3.9 24.2 377
1982 18.1 24.1 42.2 144 6,3 20.7 215 328
1993 125 20.8 33.3 7.9 14.6 22.5 10.8 321

*Late June-August.
®Estimated from pan evaporation.
¢No data.

smoother winter snow surface and smaller ternperature gradients between
snow and air.

Weekly magnitudes and variations in the various components of the sur-
face energy budget during spring and summer 1989 are illustrated in Fig. 6.1.
The spring snowpack in 1989 was the second greatest of the 9 years measured
(1985-1993), but the energy balance was similar in most regards to those
calculated for 1986-1992. Solar radiation is the primary source of energy dur-
ing the summer months, especially after spring snowmelt. During spring melt
the effect of convective heat transfer is an especially important complement to
radiative heat transfer. The contribution of energy advected over the nearby
Brooks Range and transferred via longwave radiation or heat convection is of
primary importance in determining the initiation and rate of snowmelt. The
fundamental sinks of energy are warming of the snow and soil, snowmelt,
evaporation, and thawing of the active layer. In the summers of 1987, 1988,
1989, and 1990 about 39, 46, 65, and 38%, respectively, of net radiation was
used in evapotranspiration (Table 6.2; Kane et al. 1990; see also Chap. 17, this
Vol.). During midsummer, the surface is normally warmer than the air, due to
radiative heating, and sensible heat is lost by longwave radiation and convec-
tion from the warm surface to the cooler air. Comparing the energy balance
during spring melt at Imnavait watershed with other sites on the North Slope,
convective heat transfer exerts more influence near the Brooks Range, and
decreases in importance north onto the Coastal Plain, where net radiation
plays a greater role (Weller and Holmgren 1974; Dingman et al. 1980; Hinzman
et al. 1991a).




). Hinzman et al.

intual
apotranspiration

tual  Potential®

31.0
320
332
42.0
394
37.7
32.8
321

=R EL LVE = R I =

ents between

ts of the sur-
d in Fig. 6.1.
ars measured
irds to those
f energy dur-
g spring melt
mplement to
>r the nearby
wvection is of
owmelt, The
il, snowmelt,
{f 1987, 1988,
adiation was
Chap. 17, this
he air, due to
and convec-
ergy balance
North Slope,
: Range, and
tet radiation
80; Hinzman

Energy Balance and Hydrelogical Processes 137
6.2.2 Snow Cover and Soil Thermal Regime

Snow distribution and snowpack volumes in the Imnavait watershed are
extremely variable both in time (year to year) and space (within the watershed;
Benson 1982; Liston 1986), and are largely a function of wind and topography.
At the end of the accumulation season, snow depths can range from a few
centimeters on windswept ridgetops to more than 1m in the bottom of the
valley. The average depth over the whole watershed is about 50 cm. This region
has primarily north-fiowing katabatic winds that result from downslope drain-
age of denser air from the Brooks Range to the south. However, large wind
events can originate from any direction causing extensive drifts and wind siabs
throughout the watershed. Wind slabs are characterized by very hard, fine-
grained layers of snow with densities between 0.35 and 0.54 gcm™. In Imnavait
watershed the direction and force of the larger wind events vary from year
to year, changing the orientation of the drift sequence. Nevertheless, the
consistency of the predominantly southeast wind yields similar snow distribu-
tion each year, i.e., deposition in valley bottoms and on the lee side of slopes
(Fig. 6.3). The orientation of wind slabs depends on the direction of strong
winds, whereas the density of the drift depends on the magnitude of the wind
events.

Snow depths, measured along selected traverses, were combined with pit
studies to measure snow density, temperature, and hardness profiles. In addi-
tion to providing the water equivalent of the snowpack (Fig. 6.3), pit studies
allowed us to measure extreme snow types such as wind-slab and depth-hoar
layers. Photographs were taken from control points on the ground at selected
time intervals during each melt season. These data permitted us to extrapolate
detailed point measurements over broad areas, producing maps of the maxi-
mum end-of-winter snow cover.

Whereas wind direction did not vary, year-to-year wind strengths differed
significantly. In 1985 there was maximum wind slab formation and the highest
snow density with maximum values of 0.54gcm™. The sensitivity of snow
distribution to topography is pronounced (Fig. 6.4}). Accumulation on lee
slopes was about 65% more than on windward siopes, although slope angles
differed by only 2-3 degrees.

Snowpack distribution and density affect ranoff processes in several ways.
Because of snowdrifts, snowpack water content can vary by a factor of 2-3 over
a distance of a few meters. The result is a fast melt where snowpack is thin, and
the development of bare patches, with considerable edge effect around the
drifts dering melting. On the valley floor, where snowpack is thick and dense,
it functions as a dam, holding until the force of the water overcomes the
bonding strength of the snow (Kane et al. 1989, 1991a). In addition, snow
accumulation near stream channels and water tracks yields a higher propor-
tion of runoff and less evaporation than if the snow were uniformly distributed
throughout the watershed. Deeper snowpacks also greatly influence the ther-
mal regime of the underlying soil by increasing thermal resistance to heat flow.
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Fig. 6.3a,b. Areal snow distribution over R4D region in Spring 1988 (a one of the lowest
snowpacks) and Spring 1989 (b one of the highest snowpacks). UTM grid location is illustrated in
Chap, 1 (this Vol.}

Soil stratigraphy also affects the thermal regime through the insulative
properties of the organic soil at the surface. The thermal conductivity of this
layer is one-half to one-sixth that of the underlying mineral soil {Hinzman et
al. 1991b). The albedo is also higher than mineral soil and, thus, if this surface
layer is removed, heat flux increases in the exposed mineral soil.

Although air temperatures normally reach their annual minimum in Janu-
ary or February (Fig. 6.2), the annual minimum soil temperature normally
occurs in late March or April (Fig. 6.5). Surface soil warms rapidly by 6-7°C
within a few days in late May or June when solar radiation and soil heat fluxes
are near annual maximum. The primary reason for the very rapid spring
warming of the surficial soil layer is infiltration and freezing of snow meltwater
in the still-cold soils and the release of substantial amounts of latent heat. The
daily and hourly temperature variability of each layer is greatest in the sum-
mer. This variation decreases with depth. The thermal gradient reverses dur-
ing autumn freeze-up and spring melt, with the soil at 40 cm warmer in winter
and cooler in summer than the surface soil.
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Fig, 6.5. Average daily soil temperatures measured at several depths from 1986 through 1989

In September and Qctober, the soil begins to freeze, passing through a
period of isothermal conditions. It takes longer for the active layer to freeze
than to thaw in the spring, because heat transfer at the surface is less during the
fall. In October, the amount of incoming radiation is much less than during the
spring thaw, but the net radiation balance is still positive. The primary reason
that the heat transfer rate is lower during the autumn is because of snowfall.
Early-season snow will usually melt soon after touching the surface, which
draws energy from the warmer soil surface to melt the snow. As the surface
quickly cools to 0°C and snow begins to accumulate, heat loss slows as the
snow provides insulation.

6.3 Hydrological Processes

Hydrological processes in the Arctic are similar to hydrological processes in
more temperate regions (Kane et al. 1992). However, the presence of perma-
frost results in marked differences in the response to rainfall or snowmelt
{Woo0 1986). Permafrost completely underlies the Imnavait Creek watershed,
affecting microclimatology, hydrological processes, and thermal regime. Ice-
rich mineral soils at the permafrost table (Chap. 4, this Vol.) act as a barrier,
preventing percolation from snowmelt or summer rains into deep
groundwater; hence, the contribution to base flow from below the permafrost
table at Imnavait Creek is zero, effectively simplifying the hydrological
dynamics. Although deep springs provide water for base flow throughout the
year in some places on the North Slope of Alaska (such as the adjacent
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Kuparuk River system), the Imnavait Creek watershed is isolated from this
subpermafrost water source. Because water is not lost to groundwater re-
charge, all water leaves the basin either through near-surface runoff or
evapotranspiration.

The depth of the active layer ranges from 25 to 100 cm. The highly stratified
soils - classified as pergelic cryaquepts or histic pergelic cryaquepts (Rieger et
al. 1979; Chap. 4} - strongly influence both hydrological and thermal regimes
(Hinzman et al. 1991b; Kane et al. 1992). There is a thick, porous layer of
organic matter on the surface consisting of partially decomposed mosses,
sedges, and other plants, which saturates and drains quickly. The underlying
mineral soil is usually saturated with water. The hydraulic conductivity of the
organic layer is 10-1000 times greater than that of mineral soil (Hinzman et al.
1991b). Consequently, water from snowmelt or summer rainfall moves rapidly
downslope above the organic-mineral interface. An analysis of streamflow
hydrographs reveals that as summer progresses, the recession curves of stream
discharge following a rain event increase slightly. This observation indicates
that the percentage of hillslope runoff flowing through the mineral soils in-
creases slightly as the active layer increases in thickness, although most of the
runoff still flows through the orgaric mat (Hinzman et al. 1993).

6.3.1 Snowmelt

The start of spring snowmelt in the Imnavait Creek watershed varies greatly
depending on the depth of snowpack and meteorological conditions. From
1985 to 1993 the date of initial melt ranged from 8 May to 1 June with an
average of only 10 days required for complete ablation (Fig. 6.6). An analysis of
snowmelt onset as a function of initial snowpack water equivalent showed that
67% of the variation in the initiation of snowmelt could be explained by the
amount of snow (dashed line in Fig. 6.6). During snowmelt, net radiation along
with convective heat transfer dominate the surface energy balance (Fig. 6.1;
Hinzman et al. 1991a). Although incoming shortwave radiation is very high, no
melt will usually occur until convective heat transfer becomes positive.
Within a few days of a sustained melt the entire watershed becomes a
patchwork of snow-covered and bare tundra. Liston (1986) found tempera-
tures averaging 15°C in 1985 and 24°C in 1986 with an extreme temperature of
42°C on bare tundra surfaces surrounded by snow, while the bordering snow
was isothermal at §°C. Complex patterns of stable and unstable air result from
strong thermal gradients. Longwave radiation emitted from snow-free ground
warms the overlying air, and turbulent transfer in these locations accelerates
melting of the surrounding snow. The west-facing slope melts off sooner than
the rest of the watershed, because it retains less snow {see Figs. 6.3 and 6.4).
The west-facing slope also receives more direct solar radiation in the afternoon
when air temperatures are highest. The result is a complementary summation
of radiant and convective heat transfer that results in a greater positive surface
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heat flux. The east-facing slope, in contrast, receives its maximum irradiance
in the morning while convective heat transfer is smaller.

Problems in modeling snowmelt for the Imnavait watershed from surface
energy balance refate to the large spatial variability in snow depth, which
affects albedo, longwave emittance, and sensible heat flux. The energy balance
presented in Fig. 6.1 was calculated based on instrumentation located at a
single point on the west-facing slope. The measured and calculated snowpack
ablation (Fig. 6.6) also represents processes occurring only on the west-facing
slope (78% of the basin). A comprehensive formulation of watershed snowmelt
runoff would require measurement of the surface energy balance at many
points throughout the watershed. Figure 6.1 probably overestimates the mag-
nitude of net radiation on the east-facing slope. The difficulty in calculating
heat transfer and a surface energy balance in such situations has stimulated the
development of a number of simplified methods for estimating rates of
snowmelt (Bergstrdm 1986; Sand 1990).

6.3.2 Plot and Basin Water Balance

Rainfail each autumn ensures that the active layer will be saturated at the
beginning of each winter. Because the moisture stored in the soil is nearly the
same at the end of each thaw season, it is straightforward to estimate annual
water balances. Four 89-m? plots were constructed along a diagonal on the
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west-facing slope in tussock tundra to directly measure surface runoff and
subsurface water flow above the permafrost (see Fig. 9.2 in Chap. 9 for location
of plots). Each plot was bounded with heavy plastic, which isolated the area
from upslope water. A gutter system at the base of each plot routed the water
into a holding tank instrumented with a water-level recorder that provided
data on runoff rates and volumes. Although these plots provided valuable
information on the components of the water balance at these sites (Hinzman et
al. 1993}, they cannot be considered replicates, due to the large spatial hetero-
geneity within the watershed. The proportion of 2 snowpack or soil moisture
that is lost either to runoff or evaporation is affected by slope and aspect;
consequently, these plots may not reflect the magnitude of processes occurring
elsewhere in the watershed.

The snowpack water equivalent of each plot and the basin average were
determined before snowmelt began and daily during spring melt. Runoff was
measured directly. The proportion of moisture going into storage in the desic-
cated organic layer during snowmelt was estimated in laboratory and field
studies to average 1.5cm over the entire basin (Kane et al. 1989). Evaporation
was calculated as:

E=p-R-dS. (5)

During this study the initial snowpack on each plot ranged between 7.2 and
14.7cm, and basin averages ranged between 7.8 and 18.1cm. Evaporation
varied greatly depending on the initial water content of the snowpack, propor-
tionally increasing as the snowpack decreased. On the basin scale the amount
of runoff depended primarily on the amount of snow, but distribution of the
snow was important in determining the fraction going into runoff or evapora-
tion (Table 6.2). When more snow was deposited in the bottom of the water-
shed, near the stream, runoff was greater and evaporation was lower. The
processes associated with spring melt and runoff are discussed in more detail
in Kane and Hinzman (1988) and Kane et al. (1989, 1991a).

6.3.3 Runoff and Basin Discharge

Frequently, there were large differences in the depth of snowpack along the
hillsides (Figs. 6.3 and 6.4), which strongly affected basin runoff. Compared
with plots having an average snowpack water equivalent, runoff on plots with
a thin snowpack began earlier, probably because of a lower albedo, greater
shortwave absorbance by the underlying soil, and greater longwave emittance
from shrubs protruding through the snow surface. Plots with thinner
snowpacks also lost a greater proportion of water to evaporation. Plots with
the deepest snowpacks had the greatest runoff volumes and the greatest peak
flows.

During spring melt most downslope water movement occurs in the top
10cm of the organic layer (Hinzman et al. 1991b). Moisture content at 5cm
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Unfrozen soil moisture
{% by volume)
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Fig. 6.7. Unfrozen soil moisture content during 1986 measured at several depths with time-
domain reflectometry (Hinzman et al. 1991b)

increases abruptly as meltwater begins to infiltrate (Fig. 6.7}, but the moisture
content below this layer did not substantiaily increase until snowmelt was
complete and the depth of thaw reached below 10cm. As the surficial organic
layer becomes saturated, an intricate flow occurs in discontinuous rifls be-
tween sedge tussocks. Over time the ice-rich soil thaws, releasing water and
maintaining the mineral soil near saturation throughout the year. However,
the moisture content of the organic soil varies greatly throughout the year. The
moisture content of surface organic soils varies by as much as 60% by volume
throughout the summer (Fig. 6.7), saturating and drying quickly in response to
summer rains ot snowmelt. Subsurface mineral soils, in contrast, remain near
saturation (Hinzman et al. 1991b).

Flow alternates between the surface and subsurface depending on soil
conditions, topography, and depth of thaw. The highly porous moss layer and
well-developed intertussock channels are conducive to rapid downslope
movement. The hillside is drained by small water tracks that are nearly parallel
to each other {(ca. 50m apart; see Fig. 4.4 in Chap. 4, this Vol.). Following a
precipitation event, these water tracks fill with water and quickly drain the
hillslope {(Kane et al. 1991a). As the melt season progresses and the depth of
thaw increases, the amount of moisture storage increases. Thus, runoff and
soil moisture dynamics are a function of seasonal time, an attribute that has
significant implications for modeling the hydrological regime especially con-
sidering the effects of disturbance (Hinzman and Kane 1991).

The drainage is a beaded ephemeral stream that flows from spring melt
until freeze-up in September. Spring runeff is usually the dominant hydrologi-
cal event of the year (Kane and Hinzman 1988), producing the annual peak
flow and about 50% of the total annual runoff volume. Streamflow almost
ceases after extended periods of low precipitation, which may occur in late
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Table 6.3. Average daily evapotranspiration calculated from
an heourly energy balance in the Imnavait Creek watershed

{(mmday-')

1987 1988 1989 1960 Average
May 0.6 1.0 0.5 1.7 Lo
June 2.7 1.5 3.0 1.1 2.1
july 0.8 0 20 0.8 14
August 0.6 2.1 1.9 1.5 L5

May or june, whereas intense summer rainfall events produces substantial
stream: flow (see also Chaps. 9 and 17, this Vol.).

6.3.4 Precipitation, Evaporation, and Evapotranspiration

Based on the 8-year record from 1985 until 1992, the average annual precipita-
tion is ca. 35¢cm, two-thirds of which falls in late June, July, and August (Table
6.2). The period in the Arctic with the least sea ice falls in late July and August
(Labelle et al. 1983) corresponding to the period of greatest precipitation. The
total number of rain events recorded for the summers of 1985-1988 was 256. A
substantial number of these reflect discontinuous periods of precipitation
(many of them too light to be recorded by a standard rain gauge) within
protracted periods of rainy weather. Most rainfall is light (95% at rates
<10mmb™' and 82% < 1.0mmh™), appears evenly distributed over the catch-
ment, and is associated with the dissipating phase of convective storms gener-
ated over the Brooks Range or with air masses moving from the North Pacific
Ocean. Maximum rainfall intensities generally occur in the first 4 or 5 hours of
the event. High-intensity (>20mmh~}, short-duration rainfall is associated
with convective storms which generally occur earlier in summer.

Actual and potential evapotranspiration (Table 6.2) and average daily
evapotranspiration per month (Table 6.3) indicate that both evapotran-
spiration and pan evaporation are generally greatest after snowmelt and de-
crease throughout the summer. On hilislopes with good drainage the rate of
evaporation is possibly limited by the degree of hydration of mosses. In
marshy areas of the valley bottom, the free water surface frequently lies above
the soil surface so that the rate of evaporation is limited by the amount of
available energy. Rates of evapotranspiration were calculated according to the
energy balance (Sect. 6.2.1) and with the Priestley-Taylor method (Priestley
and Taylor 1972; Kane et al. 1990). The predictions for summer 1987 are
compared with precipitation and pan evaporation in Fig. 6.8. During the early
summer, evapotranspiration rates are greater than precipitation indicating
watershed drying. This drying of the active layer occurred regularly following
spring snowmelt and significantly modifies decomposition (Chap. 16), nutri-
ent availability (Chap. 10), and carbon balance (Chaps. 11 and 17).
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Fig. 6.8. Comparison of cumulative precipitation, pan evaporation and calculations of
evapotranspiration during the summer of 1987. (from Kane et al, 1990}

6.4 Energy Balance and Hydrology Models

6.4.1 Simulation of the Thermal Regime

The thermal regime of the top 60 m of soil in tussock-tundra plots was simu-
lated using the Two-Dimensional Heat Conduction (TDHC) model, a finite
element computer simulator that allows non-steady-state analysis (Goering
and Zarling 1985). This is a physical model based on heat conduction and
phase change. The TDHC model utilizes the following formulation of the heat-
diffusion equation.

d|.00] 9 06 d0

ax!:Kax:‘+ay[K8y:I “5 ()
where x and y are the coordinates (m) in the horizontal and vertical directions,
respectively, 8 is temperature, K is the thermal conductivity, C is heat capacity,
and t is time {see Table 6.1). A two-dimensional grid of linear triangular
elements of variable size was created vertically in the soil profile where the top
of the grid corresponded to the soil surface. The elements were smallest near
the surface where soil thermal properties and soil temperatures changed
quickly and increased in size with depth. The grid contained 255 nodes and 336
elements; the simulation time step was 1 day. The lower boundary of the grid
was selected as 61 m to ensure only negligible change in the temperature of the
lower boundary in response to surface perturbations.

Equation (6) is solved using a finite element technique based on the
Galerkin weighted-residual process. The simulations are driven by the surface
temperature and heat flux at the bottom of the grid. Information must also be
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Fig. 6.9. Comparison of simulated thaw depths with and without surface disturbance (removal of
organic soil layer}

provided on the frozen and thawed thermal conductivity, frozen and thawed
heat capacity, and the amount of latent heat required for phase change in each
soil element. The amount of heat transferred during phase change in each
element is calculated using a Dirac delta function (O’Neill 1983). Heat flux at
the fower boundary was estimated at 0.050 W m~ based on an analysis of soil
thermal properties and the geothermal gradient of a deep well 15km from the
Imnavait watershed {Osterkamp et al. 1987). The model accuracy was verified
by testing it against closed form exact solutions {Goering and Zarling 1985;
Zarling et al, 1989).

The model was calibrated and used to simulate rates of thaw of the active
layer in the Imnavait Creek watershed during the years 1985-1990 (Fig. 6.9;
Kane et al. 1991b). Simulated temperatures at several soil depths were com-
pared with continuous measurements of actual subsurface temperatures, In
the active layer, predicted temperatures were within 0.25°C of observed tem-
peratures 75% of the time, within 0.50°C of observed temperatures 92% of the
time, and within 1°C of observed temperatures 96% of the time. Thus, reason-
able agreement was also obtained between observed and simulated thaw in the
active layer (Fig. 6.9). The TDHC model simulated the observed temperature
gradients extremely well during periods when the soil was completely frozen
and heat flow was entirely via conduction.

To examine sensitivity of the thaw processes to surface modification as
described by TDHC, we simulated an extreme case of disturbance in which the
surficial organic layer is stripped off (Fig. 6.9), a situation that occurred during
the early years of development in Alaska {Chap. 4, this Vol,; Parker 1929). Due
to the greater heat conductivity of the mineral soil, thaw proceeds rapidly and
reaches greater depth by the end of the season (ca. 20-30cm). The subsurface
temperatures near the surface of the disturbed soil profile are colder in the
coldest part of winter and warmer in the warmest part of summer, in effect
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Table 6.4. Soil temperatures at three depths during 1987 simulated using two-dimensional heat
conduction (TDHC) in cases where the soil was undisturbed and when the surficial organic layer
was removed (disturbed)

10¢m 20cm 30cm

Undisturbed  Disturbed  Undisturbed Disturbed  Undisturbed  Disturbed

fan -6.63 -6.62 -6.24 —6.21 =330 =517
Feb -7.7¢ ~7.82 -7.52 —7.55 ~6.42 -6.37
Mar  -8.46 -8.52 -B.41 -8.45 ~7.47 -7.45
Apr -7.38 ~7.89 -7.77 -7.78 —7.25 ~7.23
May  —0.31 —-0.20 ~L1.50 —1.38 —4.11 ~—4.04
fune Lo0 3.15 ~0.10 L76 -1.78 —1.48
July 2.67 4.06 1.00 2.74 —0.95 —0.63
Aug 1.89 2.84 0.97 2.13 -0.62 ~0.25
Sept  —0.02 .01 0.02 0.01 —0.49 —0.19
Oct —0.22 -0.19 0.00 0.03 ~0.45 —0.18
Nav  —2.11 —2.01 —0.99 —0.61 —0.45 —0.19
Dec —5.61 —5.07 -5.06 -3.52 —-3.59 =0.11

changing the amplitude and the lag time of the annual temperature cycle
{Table 6.4). Although thaw depth changes are small, such changes can lead to
the melting of ground ice, the formation of depressions in which surficial
runoff and infiltration water may accumulate, and thermal erosion. On hill-
sides, the fine-grained mineral soils offer Little resistance to the erosion process
(Mageau and Rooney 1984).

6.4.2 Simulation of Snowmelt

The physically correct method to quantify snowmelt is by determining a com-
plete energy balance for the snowpack (Sand 1990). However, the processes of
heat transfer within and to the snowpack are highly variable, both spatially and
temporally, and are extremely difficult to define {Male and Granger 1981). The
complexity of this approach has led to development of many simplified
snowmelt equations {Bengtsson 1976; Bengtsson 1982),

We computed rates of snowmelt within the Imnavait Creek catchment
using three different approaches (Fig. 6.10): an energy balance model (Price
and Dunne 1976), a “degree day method”, and a modified “degree day method”
that includes radiation influences. The second approach used the following
empirical equation:

F(T,-T,) whenT, > T,
M= {0 whenT, <T, @)

Where M is the snowmelt rate, F is the melt factor, and T, and T, are air and
threshold temperatures, respectively (Tabie 6.1). When T, < T, melt will not
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Fig. 6.10A-C. Simulated and cbsecrved snowpack ablation in Imnavait Creek watershed during
spring melt 1987-1990 using A an energy balance model; B a degree-day model {Eq. (7}]; and C
a temperature/radiation index model [Eq. (8)]
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occur. The threshold is normally less than 0°C, due to the effect of solar
radiation. It is necessary to know when the snowpack is isothermal at 0°C
before the calculations can be initiated. The inclusion of a simple solar radia-
tion term in Eq. (7) slightly improves performance, i.e.:

M= Fr (Tn - To) + Fr (Sws - Ser! (8)

Where F, is the temperature melt factor, F, is the radiation melt factor, and SW,
and SW_ are incident and reflected shortwave radiation, respectively (Table
6.1). As seen in Fig. 6,10, the energy balance approach provided the best
results; however, the simple approaches also performed well. The empirical
methods deviated from observation as the snowpack water equivalent de-
creased. Comparison of panels B and C in Fig. 6.10 suggests that snowmelt
within the Imnavait Creek watershed is largely controlled by the sensible heat
component of the energy balance (Hinzman et al. 1991a), whereas radiation is
of lesser importance. Radiation does play a much greater role in the process of
snowmelt on the Arctic Coastal Plain (Weller and Holmgren 1974; Hinzman
etal. 1991a).

6.4.3 Simulation of Catchment Runoff

Water balance was examined with the hydrological model, HBV (HBV refers to
Swedish Meteorologic and Hydrologic Institute’s model; Bergstrom 1976), for
the summer season during the years 1986-1989. Of 40 important parameters in
HBV, 26 describe the basin and the input data, whereas the remainder collec-
tively describe snow accumulation and ablation, soil moisture accounting, and
generation or transformation of runoff (Hinzman and Kane 1991). A number
of parameters are empirically determined via calibration procedures for the
watershed. Data collected during the summer of 1986 provided the primary
calibration. Snowmelt is calculated with a degree-day formulation (Hinzman
et al. 1991a). This simplification seems acceptable, because the parameters of
the model were optimized to best simulate discharge and not ablation
(Hinzman and Kane 1991). As the thickness of the active layer increases, field
storage capacity increases. The mechanisms of runoff are controlled primarily
by the properties of the near-surface organic soils (Hinzman et al. 1991b,
1993).

The HBV predicts stream flow well and also provides reasonable estimates
of daily evapotranspiration and soil moisture levels. The HBV performs best in
reconstructing simple discharge events such as the snowmelt or rainfall events
of 1986 (see hydrograph in Chap. 17, this Vol.}. The three major summer
precipitation events were very distinct and not complicated by overlapping
recession curves. The first two events after the spring meit were caused by
rainfail, and the third event was a summer snowmelt event. The HBV considers
the state of summer precipitation, i.e. snow or rain, and determines runoff
appropriately. It proved difficult to adequately describe many of the 1987
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Fig. 6.11. Stream flow observed and simulated by HBV model, predicted snowpack ablation,
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summer events (Fig. 6.11), because precipitation fell as mixed snow and rain,
and a series of storms resulted in overlapping recession curves,
An important objective in this analysis was to identify basin characteristics

-that appeared to be sensitively related to runoff discharge as described by

model parameters. To predict discharge four key parameters were varied dur-
ing the summer: (1) the threshold temperature for onset of snowmelt; (2)
maximum soil moisture storage in the model; (3) maximum soil moisture
storage in the upper reservoir; and (4) a parameter in the soil moisture routine
that is influenced by the thickness of the active layer (Hinzman and Kane
1992). The threshold temperature must change after spring melt, because
energy from the surficial soils contribute to the melting of summer snow. The
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simulations were sensitive to changing catchment water-storage capacitance
that results from the progression of soil thawing.

6.5 Conclusions

Spring melt is the dominant hydrological event of the year in the Imnavait
Creek watershed, usually lasting only about 10 days, but normally releasing
about half the annual surface runoff and producing the annual peak flow. Net
radiation is low or negative throughout the winter, increasing abruptly after
snowpack ablation. Convective heat transfer is important during snowmelt,
and when it complements radiation, snowmelt may occur rapidly. The volume
and distribution of the snowpack within the watershed has a substantial im-
pact on the timing, rates, and mechanisms of snowmeit and subsequent runoff.
Total yearly precipitation averages ca. 35cm, about one-third to one-half oc-
curring as snowfall. Because no surficial water may percolate through the
permafrost into subpermafrost groundwater, evaporation and runoff are the
major pathways of water loss from the watershed. Surficial runoff occurs
primarily within the highly porous near-surface organic soils, although as the
active layer thaws through the summer, the small proportion of water flowing
through the mineral soil increases slightly. During the summer, the total water
loss through evapotranspiration may match or exceed the total leaving the
watershed as runoff.

The thermal model, TDHC, was a very good predictor of the thermal
regime of the active layer, both spatially and temporally. The model showed
that conduction is the major mechanism of heat transfer in environments
dominated by frozen soils, although phase change is a significant process. The
TDHC model was used to estimate the depth of thaw and temperature profiles
in soils following surface disturbance. As expected the disturbed soils experi-
ence greater thaw depths and greater year-to-year variability. The hydrological
model, HBV, satisfactorily described the significant hydrological processes of
this arctic watershed including evapotranspiration, infiltration, soil moisture
fluctuations, runoff, snowmelt, and snow damming. In this model, a stmple
temperature-index method was used to predict snowmelt.
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